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ABSTRACT

The formation of an island circulation is investigated both theoretically and 
numerically in light of the dynamics of coastal Kelvin waves and Rossby waves. 
An island circulation is formed in three stages. First, the direction of the 
circulation is initiated by the coastal Kelvin wave; second, the transport of the 
circulation is established by the short Rossby wave dissipated against the 
eastern coast of the island; and finally, the basinwide circulation pattern is 
completed by the long Rossby wave radiated from the western coast of the 
island. An island circulation can be forced by either a local alongshore wind or a 
remote vorticity forcing to the east of the island; the initial Kelvin wave is 
directly forced by the alongshore wind in the former case, but indirectly forced 
by a planetary wave incident on the eastern coast of the island in the latter case. 
A comparison is also made between the spinup of an island circulation and a 
basin circulation. In addition, this spinup study also provides an alternative 
derivation of the island rule in light of the dynamics of Kelvin and Rossby 
waves. The implication for understanding the temporal response of an island 
circulation to a variable forcing is also discussed.

1. Introduction  

In an ocean basin that contains an island, the total circulation transport around 
the island is determined by the large-scale wind forcing according to the “Island 
Rule”  (Godfrey 1989). The island rule has been extended and applied to the 
Indonesian Throughflow (Godfrey 1989; Wajsowicz 1993a,b, 1996; Hirst and 
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Godfrey 1993; Masumoto and Yamagata 1996) and North Hawaiian Ridge Current (Qiu et al. 1997; Qiu et al. 1999). The 
island rule has also been thoroughly examined and further developed in theory as well as with laboratory and numerical 
experiments (Wajsowicz 1993a; Pedlosky et al. 1997; Qiu et al. 1999; Pedlosky and Spall 1999). Following Godfrey (1989), 
all these works have derived the island rule by integrating the momentum equation along a closed route that avoids the 
eastern coast of the island and in turn avoids the complex dynamics of the western boundary currents.

The present work will investigate the formation of an island circulation with the focus on the dynamic role of the coastal 
Kelvin wave and Rossby wave. It will be shown that the island circulation can be generated by either a local alongshore wind 
stress or a remote vorticity forcing to the east of the island. In either case, the wave dynamics will be shown to be essential 
in the formation of the island circulation. The study of wave dynamics also provides an alternative approach to the derivation 
of the island rule. During the spinup of an island circulation, first, the direction of the island circulation is set up by the 
coastal Kelvin wave. This Kelvin wave can be forced by coastal upwelling in the case of local wind forcing or forced by 
incident long Rossby waves in the case of remote forcing. The Kelvin wave also generates short and long Rossby waves on 
the eastern and western coasts of the island, respectively. The strong damping of the short Rossby wave balances the 
forcing and enables the transport of the island circulation to reach its equilibrium. Finally, the basinwide pattern associated 
with the island circulation is completed after the propagation of the long Rossby wave that is generated on the western coast 
of the island.

The paper is arranged as follows. Section 2 presents a simple theory on the formation of an island circulation forced by a 
local alongshore wind. This study also provides an alternative derivation of the island rule in light of Kelvin and Rossby 
waves. The theory is substantiated by numerical experiments in section 3. Section 4 further studies the island circulation 
forced by a remote forcing to the east of the island. A summary and further discussion are given in section 5. 

2. Island circulation forced by local wind: The theory  

According to the island rule, the transport to the east of an island (located for our example in the Northern Hemisphere as 
in Fig. 1 ) is contributed by two parts:

 

The first part is locally forced by the wind stress around the island, Γ
τ
  )islandτ · dl/ρD, as

 

The second part is a remote contribution that equals the meridionally averaged Sverdrup transport as

 

where TSv(y) is the transport of the Sverdrup flow to the east of the island at latitude y. Here D is the mean depth of the 

upper layer of our 1.5-layer ocean; fn and fs are the Coriolis parameters at the northern and southern tips of the island, 

respectively. The remotely forced island transport (2.1c) also applies to the circulation around a deep ocean ridge forced by 
a mass entrainment (Pedlosky 1994; Pedlosky et al. 1997). 

In this section, we will focus on the effect of a local alongshore wind stress forcing. It is instructive to first have a 
qualitative discussion on how an island circulation is spun up by an alongshore wind in the upper ocean. The discussion will 
be substantiated later both analytically and numerically. For simplicity, the island and basin are assumed to be rectangular, 
and the local wind forcing is a patch of nearly uniform eastward wind stress to the north of the island (Fig. 1 ). The 
onset of an eastward wind north of the island generates a southward surface Ekman drift, which then produces a coastal 
downwelling along the northern coast of the island. The downwelling forces a Kelvin wave with a positive sea surface height 
(SSH) (or thermocline depth). The Kelvin wave circles around the island in a short time of tislandK = Lisland/CK, where 

Lisland is the circumference of the island and CK is the Kelvin wave speed. This establishes a coastal Kelvin wave current 

that flows in a clockwise direction and is trapped within about a deformation radius of the coast (Fig. 2a ). This 



completes the first stage of the island circulation formation, with the direction of the circulation being set up by the coastal 
Kelvin wave. The transport of the island circulation, however, is still increasing because of the input of the persistent angular 
momentum of the wind. In the meantime, the Kelvin wave current extracts (sheds) mass along the eastern (western) coast 
of the island to generate short (long) Rossby waves because of the increased (decreased) deformation radius with latitude 
(Miles 1972; Godfrey 1975). 

To the east of the island, short Rossby waves are trapped by dissipation against the coast, forming a narrow southward 
western boundary current (Pedlosky 1965). This narrow boundary current effectively damps the energy input from the 
wind and limits the circulation to an equilibrium transport within a damping timescale tdamp (Fig. 2b ). This leads to the 

completion of the second stage of the circulation formation in which the transport of the island circulation is determined by 
the short Rossby wave.

Although the transport has reached equilibrium, the pattern of the island circulation still evolves west of the island because 
of the propagation of the long Rossby wave that is generated along the western coast of the island. The long wave carries 
with it the northward transport of the Kelvin wave current that is initiated on the western coast of the island (Fig. 2c ). 
After the long wave crosses the basin, the northward current is arrested by short Rossby waves on the western boundary of 
the basin. A steady island circulation pattern is finally achieved. This is the final stage of the island circulation formation. 
This hypothetical experiment suggests that the equilibrium island transport can be estimated from the wave dynamics of the 
Kelvin wave and damped short Rossby waves at the eastern coast of the island. In the following, we further show that the 
transport estimated from the wave dynamics is the same as that derived from the island rule.

We will study the island circulation in a 1.5-layer fluid model on a beta plane f  = f0 + βy, where f0 is the mean Coriolis 

parameter of the island. The circulation is forced by a local wind stress patch north of the island as shown in Figs. 1  and 
2 . In this case, the transport of the island circulation in (2.1) is forced by the first term only because of the absence of a 
Sverdrup flow to the east of the island. With standard notations, the linear 1.5-layer model is

 

where a Laplace momentum mixing has been included;the perturbation SSH is h, and the equivalent depth is H = DΔρ/ρ. 
The circulation integral around the island can be obtained by integrating (2.2a,b) around the island clockwise as (Wajsowicz 
1993a; Pedlosky et al. 1997)

 

We will focus on the baroclinic flow because it has well-separated timescales of adjustment. However, it should be kept in 
mind that virtually all the discussions here can be applied equally to a shallow water, flat-bottom barotropic fluid after the 
equivalent depth H is replaced by the total depth D. 

Now we study the circulation in terms of Kelvin and Rossby waves. Following McCalpin (1995), we break the total wave 
field into the Kelvin wave and Rossby wave parts: u = uK + uR,  = K + R, h = hK + hR. The equations for a coastal 

Kelvin wave with a reference latitude fc are

 

Notice that fc could vary from face to face for a rectangular island such as that in Fig. 1 . At the low frequency limit, 

the Kelvin wave along the island can be approximated as an alongshore geostrophic current with a uniform coastal SSH (see 

section 3).1 Indeed, since the Kelvin wave speed CK = (gH)1/2 is independent of forcing frequency, the Kelvin wave has an 

alongshore wavelength approaching infinity for a zero frequency forcing. Thus, this coastal Kelvin wave current around the 



island is approximately

hK = K(t)(e−(y−yn)/rN + e−x/ro + e(y−ys)/ys + e(x−xw)/ro),(2.5)

 

where rc = CK/fc is the deformation radius at fc. The first, second, third, and fourth terms on the right-hand side of (2.5) 

represent the Kelvin wave on the northern, eastern, southern, and western coasts of the island, respectively. Because the 
Kelvin wave propagates rapidly and has a fixed spatial structure, it should not be affected much by dissipation. The first 
stage is the Kelvin wave coastal adjustment stage, which lasts till about tislandK = Lisland/CK. In this stage, the Kelvin wave 

travels around the island, building a coastal current. After this stage, but before the second stage when the dissipation of the 
short Rossby wave becomes important, the amplitude of the Kelvin wave current (2.5) can be derived from the circulation 
integral (2.3) as approximately

K(t)  tΓ
τ
(H/g)1/2/Lisland,(2.6)

 

where the alongshore current is derived geostrophically from (2.5). The Kelvin wave amplitude, and in turn the alongshore 
geostrophic transport TI = −K(t)g/f0, increases linearly with time because of the lack of dissipation against the persistent 

wind forcing.

The Rossby wave component satisfies

 

Here the forcings

 

include not only the wind stress but also the Kelvin wave. A generalized quasigeostrophic equation can be derived from 
(2.7) and (2.8) as (Anderson and Killworth 1979; Williams 1985; McCalpin 1995)

thR − βr2
xhR−r2( t−A 2) 2hR+(2βr2/f)( t−A 2) yhR= −wE+(H/f)[(f  − fc)( xuK + y K) + (fc/f)β K],(2.9)

 

where wE is the Ekman pumping velocity and r = CK/f  is the deformation radius at f. For a uniform alongshore wind 

stress here, the Ekman pumping is approximately zero. Rossby waves are forced by the coastal Kelvin wave alone. Along 
the northern (fc − fn = 0) or southern (fc − fs = 0) coast, the Kelvin wave forcing vanishes because K = y K = xuK = 0, 

and therefore no Rossby waves are generated according to Eq. (2.9). Along the eastern or western coast (fc  f0), the 

Kelvin wave has uK = 0 and y K = 0. The forcing on the rhs of Eq. (2.9) is

(H/f)[(f0/f)β K] = βr2
xhK,(2.10)

 

where we have used f0 K = g xhK. Along the eastern coast, short Rossby waves are damped locally and reach a local 

equilibrium state in a short local vorticity damping time tdamp = δ2/A, which is on the order of 1 month for a Munk 

boundary layer width of about 10 km. This is much shorter than the basin scale adjustment time of the long Rossby wave 

tbasin = Lbasin/CR, where CR = βr2 is the speed of long Rossby waves. Thus, the local dynamics of the short Rossby wave 

are determined at the first order from Eq. (2.9) and (2.10) as

xhR − δ3
xxxxhR = − xhK,(2.11a)

 

where δ = (A/β)1/3 is the width of the Munk boundary layer (Pedlosky 1987), and
 



hK = K(t) exp(−x/r0)(2.11b)

is the Kelvin wave SSH along the eastern coast of the island according to Eq. (2.5). A similar discussion has been made 
by Godfrey (1975) in the case of an ocean basin. This is a forced Munk boundary layer problem. We will be most interested 
in the case of δ/r < 1. Indeed, for a barotropic flow, the deformation radius r is at thousands of kilometers and therefore δ/r 
< 1 is automatically satisfied. For a baroclinic flow, δ/r < 1 requires that the dissipation is not too strong. 

A free-slip boundary condition will be used at the coast (x = 0) as2 xxh = 0. The homogeneous part of the hR solution 

should also diminish toward the interior (x/δ  ∞). The condition of no normal flow at the coast is  yhR = 0, or hR = const 

at x = 0. Along the northern and southern boundaries hR = 0, because no Rossby waves are generated. Thus, the continuity 

of pressure to the northern and southern boundaries of the island ensures that the no-normal flow condition becomes hR = 0 

at x = 0. 

With the boundary conditions above, the damped short Rossby wave can be derived from (2.11) as

hR = K(t)[M(x) − e−x/rc] + O[(δ/r)3],(2.12)

 

where M(x) satisfies M − δ3
xxxM = 0 and has the Munk boundary layer structure

 

With (2.11b) and (2.12), the total SSH along the eastern coast of the island is, therefore,

h = hK + hR = K(t)M(x) + O[(δ/r)3].(2.14)

 

Indeed, the solution (2.14) becomes apparent if Eq. (2.11a) is rewritten as ( x − δ
3

xxxx)(hR + hK) = δ3
xxxxhK, and it is 

similar to the so-called Kelvin–Munk wave of Godfrey (1975) in a spindown study of ocean basin circulation. The total SSH 
has a spatial structure the same as the Munk boundary layer, but with an amplitude the same as that of the coastal Kelvin 
wave. Equivalently, the amplitude of the short Rossby wave (2.12) is the same as that of the coastal Kelvin wave K(t) at the 
lowest order. This is the key result that will immediately lead to the island rule. Apparently, the Kelvin wave coastal current 
(which has a width of r) is mainly canceled by the damped short Rossby wave except for the region within the Munk 
boundary layer.

Since the Munk boundary current is narrower than the deformation radius, the circulation around the island as well as the 
circulation’s dissipation are produced mainly on the eastern coast of the island as



 

where we have used  = (g/f0) xh and (2.14). In Eq. (2.15b), the net dissipation integral is independent of the dissipation 

coefficient A because the width of the Munk boundary layer (damped short Rossby wave) varies with A. A weaker 
(stronger) damping coefficient A is accompanied by a narrower (wider) boundary current, such that the net damping 
remains independent of the damping coefficient. This turns out to be the reason why the island transport is independent of 
damping, although the damped short Rossby wave plays the critical role in setting up the equilibrium island transport.

With (2.15a,b), the circulation integral (2.3) leads to the equation for amplitude evolution as

 

with the initial condition as K(0) = 0. After the spinup, Γ
τ
 is constant because the local wind remains unchanged with 

time. The amplitude K is therefore

K(t) = KM(1 − e−t/tdamp),(2.17a)

 

where

 

Therefore, the amplitude increases monotonically. After about tdamp the input wind stress is balanced by the dissipation of 

short Rossby waves on the eastern coast, resulting in an equilibrium island transport that corresponds to a maximum Kelvin 
wave amplitude KM. The final geostrophic transport east of the island can be calculated as TI = −Kmg/f0, which gives a 

transport identical to that of the island rule (2.1b). It is now clear that the factor fn − fs in the island rule arises from the 

dissipation of short Rossby waves along the eastern coast as seen in (2.15b). A longer latitude extent allows a longer 
dissipation boundary layer to damp the island circulation, and therefore leads to a smaller island transport. The time to reach 
an equilibrium transport tdamp is the time needed for the energy of the short Rossby wave to travel (at the group velocity 

βδ2) across the Munk boundary layer δ (Pedlosky 1965), which also equals the local vorticity damping time δ2/A. For a 
Munk boundary layer width of about 10 km, tdamp is on the order of 1 month. This is the time required for the second stage 

of short Rossby wave boundary adjustment (Fig. 2b ). In the next stage, the long Rossby wave generated on the western 

coast of the island propagates across the basin at the speed of CR = βr2; the total transport of the island circulation, 

however, remains unchanged. Finally, after the long wave reaches the western boundary of the basin at t = (Xw − Xbw)/CR 

 tbasin, a steady island circulation pattern is mostly completed (Fig. 2c ). 

It is interesting to compare the adjustment of an island circulation and a basin circulation. For the uniform eastward wind 
stress north of the island, an upwelling is also generated on the northern boundary of the basin. This upwelling forces a 
Kelvin wave of negative SSH. A clockwise Kelvin wave current around the basin boundary (Fig. 3a ) is established similar 
to that around the island (Fig. 2a ). This basin boundary Kelvin wave generates short Rossby waves against the western 
boundary of the basin (Fig. 3b ), again similar to the short wave boundary adjustment in the island case (Fig. 2b ). 
After this adjustment, the transport of the basin boundary current can also be determined by the island rule (2.1) [or 
(2.17b)], if one replaces fn − fs with Coriolis parameter change across the latitude of the basin fbn − fbs. However, the final 

transport around the basin vanishes, in sharp contrast to the island case. This occurs because the long Rossby wave from 
the eastern boundary of the basin crosses the basin (Figs. 3b–d ), carrying with it a current transport of the same 
magnitude, but in the opposite direction of the basin western boundary current. Therefore, the transport of the basin western 
boundary current is canceled exactly after the arrival of the basin eastern boundary Rossby wave. This is consistent with the 
Sverdrup relation that a uniform wind stress generates no currents in the final steady state (Anderson and Gill 1975). This 
comparison further demonstrates the different nature of the island circulation and basin circulation. In the island case, the 
initial Kelvin wave coastal currents on the eastern and western coasts, although in opposite directions, will never interact 
with each other because the long wave from the western coast will be blocked by the western boundary of the basin. As a 
result, there will be a net circulation around the island in the final equilibrium state.

3. Island circulation forced by local wind: Numerical experiments  



Our theory is substantiated by a numerical experiment in a 1.5-layer, fully nonlinear, reduced-gravity model (Wallcraft 

1991). The model is on a beta plane centered at f0 = 7.3 × 10−5 s−1 (y = 30°N) with β = 2 × 10−11 m−1 s−1. The model 

domain is (0°, 30°) × (20°N, 40°N) with 1° = 111 km, and the model resolution is 1/8°. An island is located at the center of 

the basin with zonal and meridional widths of 10° and 8°, respectively (see Fig. 4 ). A no-slip boundary condition is 

applied with the Laplace diffusion coefficient of 140 m2 s−1, corresponding to a Munk boundary layer width of about δ = 18 
km. The mean thickness is D = 500 m and the stratification is Δρ/ρ = 0.002, corresponding to a deformation radius of 43 
km in central latitudes. At the initial time t = 0, a zonal wind stress patch (with zero Ekman pumping) is imposed north of the 

island (10°  x  20°, 34° N  y  40°N) with τx = τ0y/y1, τ0 = 0.1 dyn cm−2 and y1 = 37°N. This wind stress 

produces downwelling and upwelling Kelvin waves around the island and the basin boundary, respectively. Using the island 

rule (2.1) and the maximum amplitude (2.17b), the island circulation transport is 0.58 Sv (Sv  106 m3 s−1), and the 
maximum coastal SSH is KM = 0.95 cm. Similarly, the basin boundary transport is 0.25 Sv and KM = 0.47 cm. 

Figures 4a–f  plot six snapshots of SSH during the spinup process. The corresponding zonal and meridional SSH 
profiles are also plotted along the center latitude y = 30°N (Fig. 5a ) and the center longitude x = 20° (Fig. 5b ) of the 
basin. The initial 15 days (Fig. 4a ) is characterized by a positive SSH virtually uniform around the island, with an 
amplitude that has increased linearily to about 0.2 cm at the coast. The accompanied coastal Kelvin wave current, which is 
forced by the coastal downwelling on the northern edge of the island, circulates clockwise around the island and is trapped 
within about 50 km of the coast. This stage corresponds to the Kelvin wave coastal adjustment (tisland  13 days in this 

case) as discussed in Fig. 2a . 

The evolution of the transport in the initial 15 days can be seen in the time series in Fig. 6a  along the northern, eastern, 
southern, and western boundaries of the island. The transports are roughly in phase on all the boundaries, although the 
maximum tends to occur first on the eastern, then southern, and finally the western and northern coasts. The magnitudes of 
transports are also roughly the same along all the coasts. Finally, the transport increases linearly with time, as discussed in 
(2.6), but has barely reached 0.1 Sv at day 15. 

At day 15 (Fig. 4a , also Figs. 5a,b ), a clockwise coastal Kelvin wave current is also generated on the basin 
boundary. This can be identified as the negative SSH tongue, which extends from the northern to the western boundary and 
finally diminishes along the southern boundary of the basin. Since the traveling time of the Kelvin wave around the basin is 
about 1 month, the coastal Kelvin wave current has propagated about half the circumference of the basin. The basin 
boundary Kelvin wave adjustment process that is discussed in Fig. 3a  has not been completed yet. The alongshore 
transport of the basin boundary current also increases along all the basin boundaries (Fig. 6c ), similar to the island 
circulation in Fig. 6a . However, the southern and the eastern boundaries tend to lag by about half a month due to the later 
arrival of the Kelvin wave. The coastal SSH and transport around the basin boundary are also smaller than those on the 
island boundary because of the larger circumference of the basin. This is consistent with Eq. (2.6). 

Return to the island circulation. Figure 4b  shows the SSH at the end of month 2 (which is after tdamp  1.5 months in 

this case). The island circulation has increased significantly, with the coastal SSH and circulation transport reaching about 1 
cm (Figs. 5a,b ) and 0.5 Sv (Fig. 6a ), respectively. The only exception is the west coast transport (Fig. 6a ), 
which diminishes after 1.5 months because of the westward propagation of the long Rossby wave. Now, both the transport 
and coastal SSH are close to the theoretical equilibrium values according to the island rule (2.1b) (0.58 Sv.) and (2.17b) 
(0.95 cm), respectively. The boundary current (or SSH anomaly) is confined within a width of about 30 km along the 
eastern coast (Fig. 5a ) due to the short Rossby waves, but they are spread over 100 km along the northern and southern 
boundaries due to the Kelvin wave (Fig. 5b ) and over 200 km on the western coast (Fig. 5a ) due to the propagating 
long Rossby wave. It is the narrow east coast boundary current that dominates the circulation and dissipation integral, and 
therefore determines the equilibrium transport. Indeed, the transport around the island remains close to its final value after 
about month 3 (Figs. 6a,b ). This stage corresponds to the adjustment of short Rossby waves around the island, as 
discussed in Fig. 2b.

A similar short Rossby wave adjustment stage occurs along the western boundary of the basin after month 2 (Fig. 4b 
). The coastal SSH reaches about 0.5 cm (Figs. 4b  and 5a,b ), and the transport increases to 0.25 Sv except on the 

eastern boundary where the long Rossby wave has radiated away (Fig. 6c ). Both the SSH and boundary transport are 
close to those estimated from (2.17b) (0.47 cm) and the island rule (2.1b) (0.25 Sv.). So far, the evolution of the boundary 
current transport is similar around the island and the basin, but with a smaller transport because of the longer latitudinal 
extent of western boundary dissipation.

The following evolution of circulation is dominated by planetary wave propagation and its interaction with the boundaries 
of both the island and the basin. Eight months after the spinup (Figs. 4c  and 5a ), the long Rossby wave from the 
western coast of the island has almost reached the western boundary of the basin, while the long wave from the eastern 



boundary of the basin has almost reached the eastern coast of the island. The SSH fields on the northern and southern 
boundaries, however, remain virtually unchanged (Fig. 5b ). The transports around the island and basin boundaries also 
remain close to that at month 2 (Figs. 6a–d ). 

After 14 months (Figs. 4d  and 5a,b ), the long wave from the western coast of the island has reached the western 
boundary of the basin. This incident long Rossby wave produces two responses. First, short Rossby waves are generated 
along the western boundary of the basin. The associated dissipation enables the spatial pattern of the island circulation to 
reach its final equilibrium as discussed in Fig. 2c . The southward transport of the island circulation on the eastern coast 
of the island is returned by a northward transport that is now arrested by the western boundary of the basin. This island 
transport dramatically increases the total transport of the basin western boundary current in the middle latitudes (within the 
island’s latitudes) as seen in Fig. 6d  (solid line in early year 2). Second, due to mass conservation, the positive long 
Rossby wave SSH produces a positive secondary Kelvin wave anomaly and an accompanying counterclockwise Kelvin 
wave current along the basin boundary (for more details, see Liu et al. 1999). This is plotted schematically in Fig. 2c  as 
the dashed line with arrows. This secondary positive Kelvin wave cancels part of the old negative basin boundary Kelvin 
wave signal. The reduction is seen most clearly in the southeastern part of the basin (Fig. 4d ) where the negative 
anomaly due to the initial Kelvin wave has left. The resultant circulation southeast of the island becomes cyclonic.

In the mean time, the basin eastern boundary planetary wave front has interacted with the island. The interaction is similar 
to the interaction of the island induced planetary wave on the western boundary of the basin as discussed above. Due to 
mass conservation, the incidental negative SSH produces a Kelvin wave current with negative SSH and counterclockwise 
circulation around the island, as shown schematically in Fig. 3b . As a result, the previously positive SSH around the 
island is reduced, as seen most clearly in Fig. 5a . The prior clockwise circulation around the island is also reduced as 
seen most clearly in the transport (Fig. 6b ) after year 1. A weak southward current also radiates westward as a new long 
Rossby wave from the west coast of the island as seen in Fig. 4d  (and schematically in Fig. 3b ). The current on the 
southern boundary of the island increases, with the additional transport recirculating cyclonically due to the long wave from 
the eastern boundary of the basin (Figs. 4d  and 5b ). 

In the later stages of the evolution, the island circulation fluctuates around its final equilibrium (Fig. 6b ) because of the 
transient adjustment of Rossby waves and Kelvin waves. The western boundary transport component that is caused by the 
basin boundary Kelvin wave diminishes, because of the arrival of the basin eastern boundary long wave at the western 
boundary as discussed in Figs. 3c and 3d . The evolution of the western boundary transport differs among the southern, 
middle, and northern sectors. The southern part of the western boundary transport diminishes first (at about year 1.5 as 
seen in the solid line marked with stars in Fig. 6d ) because of the fast propagation of long waves at low latitudes. In the 
middle sector, the transport is first enhanced by the island transport to reach the maximum of 0.75 Sv at year 1.2 (Fig. 6d 

), which is about the sum of the island transport and the transient basin boundary Kelvin wave transport. This transport, 
however, decreases and returns to the island transport at about year 1.5 because of the diminishing basin boundary current. 
Note that, although the middle sector is located at higher latitudes than the southern sector and therefore has a slower long 
wave propagation from the east, the adjustment timing is comparable to the southern part. This occurs because the 
interaction with the island accelerates the planetary wave front in the middle sector, owing to the rapid transmission of 
Kelvin waves around the island (Figs. 3b  and 4d ). On the western boundary of the basin, the diminished boundary 
current in the southern part and the equilibrium returning branch of the island circulation in the middle part can be seen in the 
snapshot at the end of year 3 (Fig. 4e ). In contrast, the transport in the northern sector diminishes very slowly (Figs. 4e 

 and 6d ) because of both the slow planetary wave speed and the lack of interaction with the island. Finally, all the 
basin boundary transport vanishes except in the middle sector of the western boundary, which forms the returning branch 
of the island circulation (Figs. 4f , 5 , and 6 ). There is also a weak basin boundary current in the northwestern 
corner (about 0.6 Sv as seen in the solid line with circles in Fig. 6d ). This residual basin boundary current may be related 
to the fact that the northern part of the planetary wave from the eastern boundary of the basin is extremely slow and 
therefore is dissipated heavily during its interaction with the island’s northern boundary. Overall, the numerical experiment 
strongly supports the theory presented in the last section.

Our study suggests that the short Rossby wave determines the final island circulation transport, while the long Rossby 
wave cancels the basin boundary current at the final equilibrium stage. If no Rossby wave exists, what will be the final 
circulation? In the absence of the short Rossby wave, the transport of the Kelvin wave current, either around the island or 
the basin boundary, should increase virtually linearly as in Eq. (2.6) because of the lack of an effective dissipation to balance 
the input angular momentum from the wind. Furthermore, the lack of long Rossby waves ensures that the coastal current 
will be trapped along the coast forever. These speculations are confirmed in a shallow water experiment on an f  plane (Fig. 7 

). The experiment setup is identical to that used in Fig. 4  except β = 0. Initially at year 1, two Kelvin wave currents 
circulate clockwise around the boundary of the island and basin but remain separated (Fig. 7a ). Both currents intensify 
dramatically with time. Their inertia increases so dramatically that they overshoot each corner (Figs. 7b,c ). The width of 
both boundary currents also increases and eventually the two currents merge (Fig. 7d ). The transports (Fig. 8 ) show 
an almost linear increase, which, after 20 years, become more than 10 times larger than the beta-plane case in Fig. 6 . 
Even after 40 years (not shown), the transports are still increasing almost linearly as in Eq. (2.6). Clearly, both currents are 
forced resonantly by the alongshore wind. The island circulation is stronger than that along the basin boundary because of 



the shorter circumference of the former as suggested by Eq. (2.6). This example demonstrates clearly the critical 
importance of Rossby waves in the formation of the circulation both around the island and in the basin.

4. Island circulation forced by remote forcing  

The island circulation can also be forced remotely by wind curl or Ekman pumping to the east of the island, as shown in 
(2.1c). In our generalized QG system, the Sverdrup flow to the east of the island is

 

where wE is the Ekman pumping velocity; Xe and Xbe are the eastern boundary of the island and the basin, respectively, as 

in Fig. 1 . 

Given a remote forcing, the spinup process of the island circulation is similar to the alongshore wind forcing case 
discussed before except that the Kelvin wave around the island is now initiated by the Sverdrup flow, which can be thought 
of as a steady long Rossby wave forced by Ekman forcing to the east of the island. After the onset of a steady Ekman 
pumping forcing (say, wE < 0, as implied in Fig. 1 ), a long wave is established with a positive SSH and an anticyclonic 

circulation as shown schematically in Fig. 9a . This long wave reaches the eastern coast of the island, forming an interior 
Sverdrup flow with a southward geostrophic transport (Anderson and Gill 1975). In our generalized QG model Eq. (2.9), 
the SSH increase that occurs in the interior to balance the geostrophic contribution of the Sverdrup flow is

 

This incident long wave on the eastern coast of the island generates short Rossby waves that are then damped quickly to 
form a northward returning boundary current. The boundary layer solution for the short Rossby wave can be derived from 
Eq. (2.9) as (Pedlosky 1987)

hRS(x, y) = −hRL(0, y)M(x),(4.3)
 

where hRL corresponds to the Sverdrup flow SSH in Eq. (4.2) and M(x) is the Munk boundary layer structure in Eq. 

(2.13). Most of the incident long wave energy is absorbed by the short Rossby wave (Pedlosky 1965). However, most of 
the incident mass leaks out through a coastal Kelvin wave [hK, the same as Eq. (2.5)], which has a positive SSH and a 

clockwise current around the island (Liu et al. 1999). The following adjustment of the island circulation is similar to the 
alongshore wind forcing case discussed in section 2. This Kelvin wave generates short and long Rossby waves on the 
western and eastern coasts, respectively (Figs. 2b,c ). The short Rossby wave (hKRS) that is forced by the Kelvin wave 

is in the same direction as the Kelvin wave current and can be derived the same as Eq. (2.12) [also see Liu et al. (1999) and 
Godfrey (1975)]. Finally, the amplitude of the Kelvin wave K(t) reaches its final equilibrium, which is accompanied by a 
clockwise island circulation (Fig. 2b ). Later, the long Rossby wave to the west of the island propagates to the western 
boundary of the basin and the entire island circulation is established (Fig. 9c ). 

The final amplitude of the coastal Kelvin wave current can be obtained from the island boundary integral (2.3). In the 
absence of an alongshore wind Γ

τ
 = 0, Eq. (2.3) requires that the total dissipation integral around the island vanishes at final 

equilibrium. Since the dissipation integral is contributed dominantly by the east coast of the island, we have

 

In contrast to the case of alongshore wind forcing in Eq. (2.15), the eastern coast SSH consists of the Sverdrup flow, Eq. 
(4.2), and the returning boundary current, Eq. (4.3), as well as the primary Kelvin wave (hK) in Eq. (2.5) and the induced 



short Rossby wave (hKRS) in Eq. (2.12); that is,

h = hRL + hRS + hK + hKRS.
 

The velocity dissipation along the eastern boundary of the island can be derived from (4.2), (4.3), (2.5), and (2.12). The 
contribution from the Sverdrup flow hRL is negligible because of its large spatial scale. Therefore, at leading order,

xxxh|x=0 = [−hRL(0, y) + K(t)]/δ3,

 

where the first and second terms are contributed by the returning boundary current hRS and the Kelvin wave related 

current hK + hKRS, respectively. Therefore, the final amplitude Km can be derived from Eq. (4.4) as the average SSH of the 

incident long wave (or Sverdrup flow):

 

This immediately recovers the island rule for a remote forcing in Eq. (2.1c). 

The maximum coastal SSH amplitude, Eq. (4.5), is determined mainly by the balance of the contributions of two short 
Rossby waves, hRS and hKRS: the former is caused by the forced long wave (Sverdrup flow) and the later is induced by the 

Kelvin wave. Indeed, Eq. (4.5) can also be derived from a zero net circulation around the island:

 

This can be understood as the conservation of island circulation in the absence of a local alongshore wind stress. Initially, 
the total island circulation is zero. When a long wave (hRL) hits the eastern coast of the island with a positive SSH and a 

southward Sverdrup flow, a narrow northward boundary current (hRS) is generated there. To maintain a net zero island 

circulation, a southward Kelvin wave current (hK) is induced, which in turn generates a southward short Rossby wave 

current hKRS. Since the Kelvin wave current (hK) (and in turn the generated short Rossby wave hKRS) is uniform along the 

coast, it needs to achieve the amplitude of the average boundary current of the Sverdrup flow as in Eq. (4.5). A by-product 
is that the island circulation is stronger than the returning western boundary current of the Sverdrup flow near the northern 
or southern tips of the island. As a result, a stagnation point is generated by the counterflows along the eastern coast, 
forming a recirculation, as discussed by Pedlosky (1994). The discussions in this section are also confirmed by numerical 
experiments (not shown). Similar numerical experiments have been performed by Pedlosky et al. (1997). 

5. Discussions and summary  

The formation of island circulation is investigated in light of the dynamics of coastal Kelvin waves and Rossby waves. An 
island circulation can be forced by either a local alongshore wind around the island or a remote forcing to the east of the 
island. The formation of the island circulation proceeds in three stages. First, the direction of the island circulation is initiated 
by a Kelvin wave current, which is generated either directly by a local alongshore wind or indirectly by a remotely forced 
long Rossby wave incident on the eastern coast of the island. In the mean time, the Kelvin wave generates short and long 
Rossby waves on the eastern and western coasts of the island, respectively. The short Rossby wave is damped on the 
eastern coast and therefore allows the island circulation to quickly reach a steady transport that is estimated from the island 
rule. Under a local wind forcing, the damped short Rossby wave balances the alongshore wind forcing; for a remote 
forcing, the short Rossby wave current forced by the Kelvin wave tends to balance that produced by the Sverdrup flow. 
Finally, the spatial pattern of the island circulation is completed after the long Rossby wave propagates from the western 
coast of the island to the western boundary of the basin. The island circulation therefore consists of a boundary current 
along the eastern coast of the island and a returning flow on the western coast of the basin, which are connected by two 
zonal jets.

Our spinup study also has important implications for the understanding of the temporal response of the island circulation 
to a low-frequency variable wind forcing. As discussed in section 2, the island transport as determined by the island rule is 



achieved after forcing in a short boundary layer momentum dissipation timescale tdamp. This damping timescale is usually 

less than a few months for both a barotropic flow or an upper-ocean total baroclinic flow. Therefore the variation seen in 
the island transport in response to a local wind forcing should follow the island rule, Eq. (2.1b), for a variable wind of 
annual, or even higher, frequency for both the barotropic flow and the total upper-ocean baroclinic flow. This seems to be 
the case of Masumoto and Yamagata (1996), who showed that seasonal winds along Australia’s south coast generate 
seasonal variations in the Indonesian Throughflow. The situation is very different under a remote forcing because of the 
different response times of the Sverdrup flow (or long waves) of the barotropic and baroclinic flows. For a barotropic flow, 
the Sverdrup flow responds to the wind in weeks, and therefore the completion time for the formation of the island 
circulation lasts no longer than a few months. Thus, the island rule (2.1c) is still valid for winds of frequency lower than 
annual frequency (Wajsowicz 1993a; Qiu et al. 1999). However, for the upper-ocean baroclinic flow, the Sverdrup flow 
responds to the Ekman pumping in years, and therefore the island rule Eq. (4.1) will no longer be valid (Qiu et al. 1999) 
unless the wind variation is slower than the basin transient time of the baroclinic wave.

Our study also implies that the response of the vertical structure of the island circulation to remote forcing could be 
controlled by complex processes. The responses are different between the barotropic and the total upper-ocean flow, which 
are controlled by the barotropic and first baroclinic modes, respectively. The long barotropic Rossby wave propagates 
westward because it is much faster than the mean flow, while the first baroclinic mode propagates westward because of the 
non-Doppler-shift effect (e.g., Killworth et al. 1997; Liu 1998, 1999). Therefore, the transport of the barotropic and upper-
layer island circulation only respond to the remote wind to its east as shown in (2.1c). However, more complex vertical 
structure of the island circulation could be caused either by the surface wind and buoyancy forcing in the thermocline (Liu 
1998, 1999), or by thermohaline mass forcing in the deep ocean (Kawase 1987; Pedlosky 1994). In the thermocline case, 
the vertical structure within the thermocline is controlled by second, or even higher, baroclinic modes, which in the interior 
ocean are strongly advected by the gyre circulation of the thermocline (Liu 1998, 1999). With nonlinear advection 
dominating, the flow could be controlled strongly by upstream source water (Nof 1996). Therefore, the vertical structure of 
the island circulation within the thermocline can be affected by the remote surface forcing upstream in the gyre circulation. 
For the deep ocean case, the island circulation can also originate from various deep water sources due to complex 
thermohaline circulation (Shriver and Hurlburt 1997; Lu et al. 1998). These speculations remain to be studied in the future. 
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Figures  

 
Click on thumbnail for full-sized image. 

Fig. 1. Schematic figure for the setup of the island circulation in a basin. A local alongshore wind and a remote wind curl to the 
east of the island are also shown.



 
Click on thumbnail for full-sized image. 

Fig. 2. Schematic figures for the formation of an island circulation forced by a local alongshore wind stress forcing (gray arrows 
north of the island). (a) Initial stage in which the direction of the island circulation is initiated by the adjustment of the primary 
Kelvin wave coastal current around the island. (b) The second stage in which the equilibrium island transport (1) is achieved; the 
alongshore wind stress forcing is balanced by the short Rossby waves damped against the eastern coast of the island. (c) The 
final stage in which the spatial pattern of the island circulation is completed by the long Rossby wave, which is generated by the 
Kelvin wave on the western coast of the island and which propagates westward and is finally arrested by the western boundary 
of the basin. This long wave also generates a secondary Kelvin wave current on the basin boundary (the arrow dashed lines). In 
all figures, the island circulation is plotted in dark solid lines with arrows.
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Fig. 3. Schematic figures for the formation of basin circulation spun up by an alongshore wind forcing. (a) Initial stage in which 
the counterclockwise Kelvin wave current is generated by the alongshore wind. (b) The second stage where short Rossby waves 
are generated along the western boundary of the basin, which balances the alongshore wind forcing and results in a northward 
western boundary current with an equilibrium transport that is determined by the island rule Eq. (2.1b). (c) and (d) The last stage 
in which the long Rossby wave generated by the primary Kelvin wave on the eastern boundary of the basin travels westward 
and interacts with the island, carrying with it a southward current. This long wave reaches the western boundary and cancels the 
northward boundary current, first in the middle part of the western boundary (d) and eventually along the entire boundary. 
Therefore, in spite of the similar first two stages of the spinup as in the island case in Fig. 2 , the last stage differs dramatically 
between the two cases.
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Fig. 4. Snapshots in a spinup process of island circulation in a 1.5-layer, beta-plane model experiment forced by the sudden 
onset of an alongshore wind stress north of the island (see the text): (a) t = 0.5 months, (b) t = 2 months, (c) t = 8 months, (d) t = 
14 months, (e) t = 36 months, and (f) t = 240 months. Each snap shot is a 15 average with t being the end time. Contour interval is 
0.12 cm.
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Fig. 5. The SSH profiles of the six snapshots in Fig. 4 , along (a) the middle latitude y = 30°N and (b) the middle longitude x = 
15° of the basin. The line legends are dash–dot for t = 0.5 months, dash for t = 2 months, solid for t = 8 months, solid marked with 
circles for t = 14 months, dot for t = 36 months, and solid marked with stars for t = 240 months. 
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Fig. 6. The evolution of alongshore transports around the island: (a) first 0.5 year, (b) first 10 years, and around the basin: (c) 
first 0.5 year, (d) first 10 years. Each transport is calculated within 2° of the coast. For the island transports in (a) and (b), 
transports are plotted for cross sections in the middle of the eastern (dot, EB), southern (dash–dot, SB), western (solid, WB), and 
northern (dash, NB) coasts. For the basin boundary transports in (c) and (d), transports are also plotted for cross sections in the 
middle of the eastern (dot, EB), southern (dash–dot, SB), western (solid, WB), and northern (dash, NB) coasts. In addition, two 
additional transports are also plotted in the northern (y = 37°N, solid marked with circle, WN) and southern (y = 23°N, solid 
marked with star, WS) parts of the western boundary of the basin. In the first year [(c) or the initial stage of (d)], the three western 
boundary transport curves (WB, WN, and WS) almost coincide with each other, because the island effect has not reached the 
western boundary of the basin.
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Fig. 7. Snapshots of SSH for a spinup experiment the same as Fig. 4  but on an f plane: (a) t = 1 year (contour interval = 1.5 
cm), (b) t = 5 years (contour interval = 2 cm), (c) t = 10 years (contour interval = 2 cm), and (d) t = 40 years (contour interval = 5 
cm).
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Fig. 8. Evolution of the total transport (solid), the island transport (dash–dot, calculated approximately as in the region of SSH 
> 0), and the basin boundary transport (dash, calculated approximately in the region of SSH < 0) for the f-plane spinup experiment 
in Fig. 7 . 
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Fig. 9. Schematic figures showing the spinup of the island circulation (dark solid lines with arrow) by a remote anticyclonic 
wind curl forcing to the east of the island. (a) Ekman pumping forces a long Rossby wave (dashed lines with arrow). (b) The long 
wave propagates to the western boundary and the reflected short Rossby waves are arrested by dissipation to establish a 
northward returning boundary current on the eastern coast of the island, forming a gyre with the southward Sverdrup flow and a 
northward returning western boundary current (dashed lines). In the mean time, a Kelvin wave current is generated around the 
island (solid lines), which will generate an island circulation the same as in Figs. 2a–c . (c) The final circulation with the 
combined island circulation and the Sverdrup gyre.

 

 

1 The amplitude of the Kelvin wave varies with the Coriolis parameter as f1/2, because of energy conservation (Miles 1972). In the middle latitude, 
this change is usually about 10%–20% within a latitude extension of 10°–20°. 



 

 

2 The no-slip condition can be discussed similarly. In discussing the evolution of the circulation, the island integral in Eq. (2.3) should be considered 
as the average across the boundary layer. Bottom friction can also be discussed similarly in terms of the forced Stommel’s boundary layer (Liu et 
al. 1999). Similarly, dissipation could modify the Kelvin wave solution (2.5) but will not change the conclusions at the leading order. 
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