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ABSTRACT

A study of mesoscale subduction at the Antarctic Polar Front (PF) is conducted by use of hydrographic data
from a high-resolution, quasi-synoptic survey of the front. The geostrophic velocity and isopycnal potential
vorticity (PV) fields are computed, and the ageostrophic flow diagnosed from the semigeostrophic omegaequation.
It is found that the ageostrophic circulation induced by baroclinic instability counteracts the frontogenesis and
frontolysis effected by the confluence and difluence, respectively, of the geostrophic velocity field. Though the
sense of the ageostrophic circulation is reversed repeatedly along the front, the existence of PV gradients along
isopycnals leads to a net cross-front ‘‘bolus’” transport. In response to a reversal of this gradient with depth (a
necessary condition for the onset of baroclinic instability), the bolus transport is northward at the protruding
temperature minimum layer that characterizes the PF, and southward above. This net cross-front overturning
circulation acts to flatten the isopycnals of the front and results in a subduction of the temperature minimum
layer asit progresses northward along isopycnals. Consistently, a net baroclinic conversion rate of approximately
1 cm? s=2 d-1, corresponding to a net subduction rate of O(20 m yr-1), is calculated in the survey area. The
similarity between the PV field of the PF and other Southern Ocean fronts suggests that the authors' results
may also be applicable there. This has profound implications for the understanding of the zonation of the

Antarctic Circumpolar Current.

1. Introduction

The Southern Ocean is a major region of formation
of deep and intermediate water masses, and playsavital
role in the global interchange of basin water through
the eastward flow of the Antarctic Circumpolar Current
(ACC). Due precisely to its circumpolar character, the
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dynamical nature of the ACC is distinct from that of
wind-driven gyre circulations in zonally bound basins,
many features of which have been successfully ex-
plained by a variety of theories based on Sverdrup dy-
namics (e.g., Dewar and Marshall 1994; Sakamoto
1999). Though the ACC is also believed to be basically
wind-driven (Nowlin and Klinck 1986; Ivchenko et al.
1996) a range of aspects concerning its dynamics re-
mains poorly understood. Among these isthe structuring
of the flow into a series of narrow jets associated with
deep-reaching, circumpolar density fronts (Orsi et al.
1995; Belkin and Gordon 1996) that crucially constrain
the pathways and distributions of water masses (e.g.,
Peterson and Whitworth 1989). Evidence exists linking
the locations of particular frontal bands to meridional
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gradients in the properties of the Ekman and net surface
buoyancy fluxes (Deacon 1982; Kazmin and Rienecker
1996) as well as to topographic steering (Hughes and
Killworth 1995; Gille 1997). However, the most sig-
nificant insight into the banded nature of the ACC has
been provided by a number of numerical experiments
(Vallis and Maltrud 1993; Treguier and Panetta 1994;
Marshall and Adcock 1998; Sinha and Richards 1999)
performed in the conceptual framework of the theory
of geostrophic turbulence.

The theory of geostrophic turbulence (Rhines 1975,
1979) studies the unforced, nonlinear motion of fluids
that are near to a state of geostrophic and hydrostatic
balance. A fundamental result of the theory predictsthat
the free evolution of an initial field of turbulent eddies
will involve a cascade of energy to small wavenumbers
and a simultaneous cascade of potential enstrophy (po-
tential vorticity variance) to large wavenumbers. In
physical space, thistranslatesinto the formation of larg-
er eddies with their vorticity sheared out into ever finer
filaments. Further, when an analogous scenario is con-
sidered on a B plane, a mean-state potential vorticity
(PV) field isprovided by the spherical shape of the earth,
and the stretching of PV surfaces (on which the potential
enstrophy cascaderelies) isconstrained in acertain man-
ner by planetary curvature. It has been shown (Rhines
1979) that this constraint may be expressed as an upper
bound to the migration of dominant eddies toward large
scales [the Rhines scale, defined as (UB~*)Y2, where U
is a characteristic horizontal speed of the flow and B
the meridional gradient of the Coriolis parameter] and
that the anisotropy introduced by the 8 effect will cause
the eddies to flatten and thereby concentrate energy on
the zonal direction. The end state of the cascade will
then tend to be dominated by a series of bands of east-
ward and westward flow alternating with alength scale
of the order of the Rhines scale. This scenariois clearly
reminiscent of the observed structuring of the ACC into
eastward frontal jets with little flow in between.

Despite recent indications that the Rhines scale may
adequately describe flow structure in numerical models
of the Southern Ocean (Sinhaand Richards 1999), direct
observational support for the applicability of the above
ideas to the ACC system is still scarce. The choice of
U and B in the calculation of the Rhines scale is, to
some extent, ambiguous, whereas various assumptions
of the theory of geostrophic turbulence (in particular,
that of unforced flow) do not strictly apply to the ACC.
It can only be speculated that the research of C. W.
Hughes and coworkers (Hughes et al. 1998, and ref-
erences therein) on the ability of the ACC to act as a
Rossby waveguide might indicate that the postul ates of
the theory of geostrophic turbulence can contribute to
a valid description of ACC dynamics. Indeed, it may
be reasoned that when the diameter of the dominant
eddies approaches the Rhines scale the mean-state PV
field induced by planetary curvature starts providing a
significant restoring force for transient motions crossing
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PV contours, and a Rossby wave is set up. Therefore,
the detection of intense Rossby wave activity within the
ACC could well be symptomatic of the presence of a
geostrophic turbulent eddy field in the process of shap-
ing the banded anatomy of the current system.

The eddy activity of the Southern Ocean has been
mapped in various altimetric and numerical studies
(Chelton et al. 1990; Shum et al. 1990; Morrow et al.
1992; Stevens and Killworth 1992; Wilkin and Morrow
1994; Gille 1997). Eddy kinetic energy (EKE) levels
are high in relation to most open ocean regions of the
globe. Surface EKE maxima generally appear in asso-
ciation with certain topographic obstructions and along
a band centered around the axis of the ACC. Whereas
the former are believed to be due to the action of to-
pographic lee waves, the latter are most likely connected
to mesoscale variability in the vicinity of the Antarctic
Polar Front (PF). As if to reinstate the existence of an
intimate link between eddy activity and fronts, reports
also exist of frequent frontal meandering and shedding
of eddies in other frontal regions of the ACC, such as
the Subtropical Frontal Zone (Lutjeharms and Valentine
1988; Holliday and Read 1998) and the Subantarctic
Front (Park and Gambéroni 1997; Rintoul et al. 1997)
in the northern ACC. The importance of mesoscale ed-
dies in the buoyancy and momentum balances of the
Southern Ocean has been emphasized by a number of
numerical experiments (Johnson and Bryden 1989; Tre-
guier and McWilliams 1990; Ivchenko et al. 1997; Ste-
vens and Ivchenko 1997; Best et al. 1999).

The nature of the eddies’ role in such large-scale
balances has been investigated in detail within several
modeling studies of mesoscale activity in afrontal zone
(see. e.q., Spall 1995, and referencestherein). According
to these, eddy fluxes of buoyancy and momentum are
different expressions of a downward transfer of water
(subduction) occurring at the front. As the dynamical
properties of the deep ocean are largely set when water
parcels were last in contact with the atmosphere, the
process of subduction is thought to be of paramount
importance for the large-scale circulation and stratifi-
cation of the ocean. Though subduction driven by large-
scale Ekman convergence has been long regarded as
dominant, scaling estimates by Follows and Marshall
(1994) suggest that mesoscale subduction at frontal re-
gions may be comparable in magnitude.

In this paper, we present evidence of mesoscal e sub-
duction in the PF region south of Africaand discussthe
dynamics of the process. The implications of our find-
ings for the maintenance of the frontal structure of the
ACC are explored and their consistency with the pre-
dictions of the theory of geostrophic turbulence ex-
amined briefly.

We make use of hydrographic data from two nested
mesoscale surveys of a segment of the PF near 10°E.
Their combined quasisynopticity and high spatial res-
olution are ideally suited for the analysis of mesoscale
processes and make the dataset superior to satellite or
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Fic. 1. Cruise track of PFS Polarstern Expedition ANT XI111/2 (4 Dec 1995-24 Jan 1996) in the main working area.

conventional CTD station data. The dataset is presented
in section 2. In section 3, the hydrographic background
encountered in the surveyed region is described. Based
on the measured density and velocity fields, the three-
dimensional flow in the surveyed area is diagnosed in
section 4. This is achieved by separately inferring the
geostrophic and ageostrophic components of the flow,
placing emphasis on the problem of computing the | atter.
In section 5, we give a dynamical explanation of the
diagnosed flow patterns and examine the cross-frontal
buoyancy fluxes implied by the flow. Finally, in section
6 we summarize our findings and discusstheir relevance
for the understanding of the zonation of the ACC.

2. The ANT XI11/2 dataset

The dataset was collected during cruise ANT XI111/2
of the German polar research vessel PFS Polarstern
between 4 December 1995 and 24 January 1996. It en-
compassed along transect (5-11 December 1995) south-
ward from Cape Town toward Kapp Norvegia (Antarc-
tica) to locate the positions of the ACC fronts, a coarse
scale survey (CSS, 24-29 December 1995) to map a
large-scale meander of the PF, and a finescale survey
(FSS, 1-5 January 1996) across a region of high hor-
izontal hydrographic gradientsin the northeastern quad-
rant of the CSS area (Fig. 1). The CSS consisted of six
parallel meridional sections 75 km apart and covered
an area of approximately 375 km zonally X 220 km
meridionally. The FSS involved 11 meridional legs 13
km apart and spanned an area of 130 km X 130 km.
Because of the enhanced horizontal resolution of the
FSS, subsequent analysis will concentrate on the FSS

region.

Using an undulating profiler (SeaSoar) equipped with
a Neil Brown Mark Il CTD the hydrography of the
upper water column was sampled, while an RD Instru-
ments 150-kHz vessel-mounted acoustic Doppler cur-
rent profiler (VM-ADCP) was employed to measure cur-
rents. The depth range of SeaSoar was ~400 m, with
an 8-m vertical resolution after filtering and interpola-
tion. The VM-ADCP data was averaged every 2 min
while under way (implying a horizontal resolution of
0.5 km) and reached slightly deeper than 300 m, with
a vertical resolution of 4 m.

Complementing the SeaSoar/VM-ADCP monitoring
of the upper ocean, the deeper physical structure of the
PF region was investigated by means of an array of
sparse full-depth hydrographic stations at which a Neil
Brown Mark Il CTD was cast in conjunction with a
General Oceanics Rosette Bottle Sampler. In addition,
a mooring (AWI-235) was deployed at the northeastern
corner of the FSS area including an RDI 150-kHz NB
self-contained ADCP and six Aanderaa RCM-8 rotor
current meters distributed in such a fashion asto profile
the full depth of the water column.

3. Hydrography of the PF region

The hydrographic situation in the surveyed sector of
the PF is best shown by a potential temperature—salinity
(6-S) diagram (Fig. 2), where four major water masses
can be seen. Antarctic Surface Water (AASW) occupies
the upper ocean above 100 m. Relatively warm and
fresh, it acquires its properties from solar warming and
ice melt in the heating season. Immediately below, in
the depth range 150—250 m, the ** Winter Water’’ (WW)
isaremnant of adeep winter mixed layer resulting from
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FiG. 2. 6-Sdiagram for the CTD transect along 10.3°E. The pressure at which measurements were conducted is displayed in the shading
of dots. The water masses present in the region are identified by the acronyms AASW (Antarctic Surface Water), WW (Winter Water). CDW

(Circumpolar Deep Water), and AABW (Antarctic Bottom Water).

vertical convective processes induced by cooling and
sea ice formation during austral winter (Mosby 1934;
Whitworth and Nowlin 1987). Circumpolar Deep Water
(CDW) derives its characteristics from North Atlantic
Deep Water intruding into the Southern Ocean in the
southwest Atlantic (Whitworth and Nowlin 1987), is
relatively warm and saline, and spans most of the water
column below 300 m. Only near the ocean floor is there
the colder, fresher Antarctic Bottom Water.

This arrangement of water masses has a double pyc-
nocline structure associated with it, with stratification
reaching peak values in the region of transition from
AASW to WW (the summer pycnocline) and at the base
of the WW (the winter pycnocline). Historically, the
temperature of the WW has been employed to trace the
position of the PF at many sites around Antarctica. Fol-
lowing Botnikov (1963) and a number of other authors,
Belkin and Gordon (1996) conclude that a most reliable
indicator of the PF is the northern limit of the 2°C con-
tour at the temperature minimum of WW.

Figure 3a displays a contour map of temperature (T)
at the temperature minimum (T-min) in the CSS area,
with the currents at 184 m measured by the VM-ADCP
shown by vectors. A vigorous jet, linked to the PR, may
be seen flowing east along ~50.2°S, aligned with the
1.8°C temperature contour. A second jet is observed to

the south, meandering with ~250 km wavelength be-
tween 51° and 52.5°S and following the 1.0°C contour
closely. Thisjet lies south of the conventionally defined
PF and (as revealed by inspection of the deep CTD data
along 10.3°E) north of the Southern ACC Front, the
northernmost of the circumpolar frontal bands south of
the PF (Orsi et al. 1995). It would thus appear that the
jet and the associated temperature gradient are expres-
sions of a rather localized frontal branching, probably
resulting from local bathymetry. We suspect that this
frontal feature bears arelation to the PF, which has been
previously reported to split in the region south of Africa
(e.g., Lutjeharms and Valentine 1984; Holliday and
Read 1998), and have thus followed Strass et al. (2000)
in naming it Southerly Polar Front (SPF).

The PF and SPF appear to diverge near ~6°E and
tend to converge near ~10°E. An anticyclonic (anti-
clockwise) recirculation is observed at 51.5°S, 8.5°E
between the two frontal bands and coupled to the south-
ern one. Thereis also aweak cyclonic (clockwise) fea-
ture near 50.8°S, 9.0°E that may form a dipole pair with
the anticyclone to the south. A second, more vigorous
cyclonic recirculation occurs at 50.5°S, 11.2°E (C,) and
appears to touch the PF. Having performed a more de-
tailed description of the CSS observations, Strass et al.
showed that the hydrographic and circulation patterns



Aucust 2001

NAVEIRA GARABATO ET AL.

2091

lat [° S]

10.0 10.5

lon [° E]

Fic. 3. Horizontal distribution of temperature at the temperature minimum (~180 m depth) and VM-ADCP current vectors at 184 m in
() the CSS area and (b) for the FSS area. C, denotes the cyclonic feature mentioned in the text.

outlined above are not exclusive of the T-min layer, but
hold for the entire depth range of SeaSoar.

Despite the mean period of 8 days elapsed between
the two surveys, the hydrographic fields observed in the
FSS were highly similar to those sampled in the area
during the CSS, abeit with improved resolution. Figure
3b shows T at the T-min and VM-ADCP currents as
measured during the FSS. A quasi-zonal, smoothly me-
andering eastward jet (corresponding to the PF) is vis-
ible near 50°S and the cyclonic recirculation C, appears
now to be closed and centered at 50.6°S, 11.1°E. The
pronounced T-min at the core of this eddy indicatesits
being shed from the SPF to the south. In the south-

western corner of the FSS area is a weak cyclonic me-
ander that appears to couple with the eddy C,, thus
forming a full wave pattern.

4. Diagnosis of the geostrophic and ageostrophic
flow in the FSS

a. Diagnosis of the geostrophic flow

Diagnosis of the geostrophic flow in the FSS was
hindered by the existence of tidal and inertial oscilla-
tions, described by Strasset al. from the AWI-235 moor-
ing. Inertial oscillations of amplitude ~0.2 m s~* and
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period 15.6 h were ubiquitous within the mixed layer,
though barely detectable below it. The tidal signal (of
amplitude ~0.08 m s~*) was more barotropic and of
semidiurnal period. This inertial and tidal motion was
not detectable in the VM-ADCP currents, for it was
eclipsed by the periodic signal (~0.4 m s~* amplitude,
17 h period) resulting from the repeated crossing of the
PF jet.

A procedure was designed to filter out high-frequency
motions from the VM-ADCP record that relied on the
assumption of horizontal coherency of inertial and tidal
oscillations over the FSS area. This seemed justified by
the fact that the length scale of the weather systems that
set upinertial oscillationsisan order of magnitudelarger
than the lateral extent of the survey, that the presence
of an amphidromic point is not predicted in the area by
tidal models (Kantha 1995), and that the depth of the
surface mixed layer was approximately uniform
throughout the surveyed region. The signal from the
current meter array AWI-235 was detrended, then
merged in acommon time and depth base with the VM-
ADCP current record and subtracted from the latter.
Linear interpolation was used at the depth levels where
no current meters had been deployed, as the depth range
of high inertial vertical shear (the mixed layer base) was
well resolved by the moored current meters. Thevertical
shear of VM-ADCP currents at the bottom of the mixed
layer was noticeably reduced after the subtraction and,
overall, horizontal velocity vectors tended to align with
potential density contours. The root-mean-sgquare (rms)
deviation between the raw and corrected VM-ADCP
velocity field was 0.07 and 0.08 m s—* for zonal and
meridional velocity respectively.

To calculate the geostrophic flow and other dynamic
variables SeaSoar potential density and filtered VM-
ADCP velocity need to be interpolated onto a regular
grid. Thiswas done by first averaging the datavertically
into 8-m bins and then gridding horizontally along each
depth onto a fine mesh of 50 X 50 points. The aniso-
tropic Gaussian interpolation routine described by Allen
and Smeed (1996) was used for the horizontal gridding.
Characteristic horizontal e-folding length scalesof d, =
25 km and d, = 12 km were applied, respectively, in
the zonal and meridional directions. The choice of these
length scales was based on the anisotropic autocorre-
lation properties of the potential density field.

For computing the geostrophic circulation in the FSS
the velocity field was constrained to be nondivergent
and in thermal wind balance with the density field,
which is measured with far better accuracy. Thethermal
wind equations state that

aug g Jdp

= = = 1

az  fp, oy @)
and
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where u, and v, are the eastward and northward com-
ponents of the geostrophic velocity vector u, relative to
a Cartesian frame of reference (x, y, 2) rotating with the
earth, g is the acceleration due to gravity, f = 2Q) sin
¢ isthe Coriolis parameter (with ¢ representing latitude
and () as the angular velocity of the earth’s rotation), p
denotes potential density, and p,, is areference potential
density. As carefully pointed out by Rudnick (1996),
Egs. (1)—(2) should, strictly speaking, refer to in situ
density rather than potential density. Errors introduced
by using potential density are nevertheless small be-
cause the maximum depth of the SeaSoar/VM-ADCP
measurements did not exceed 400 m.

The agorithm in Rudnick (1996) was employed to
incorporate density and velocity data from the entire
VM-ADCP vertical range in the calculation of the geo-
strophic flow at a certain reference depth, from which
the geostrophic velocity field at other depths was ob-
tained through Egs. (1)—(2). The resulting geostrophic
velocity field was essentially barotropic and insensitive
to the choice of reference level. Furthermore, it re-
mained very similar to the filtered VM-ADCP veloci-
ties, with an rms deviation of 0.03 m s=* for either
component of the flow and correlation coefficients of
0.97 (u) and 0.92 (v) between both fields. The diagnosed
geostrophic circulation will be presented in section 5.

b. Diagnosis of the ageostrophic flow

Ageostrophic motions are difficult to measure di-
rectly. By definition, their zonal and meridional com-
ponents (u, and v,, respectively) are of magnitude u,
~ Ryu, and v, ~ Ry, where R, = U f-iL-*isthe
Rossby number of the local flow and L isacharacteristic
horizontal length scale of the flow. In the ocean R, is
typically less than 1, and the geostrophic velocity dom-
inates the mesoscale circulation. Similarly, the vertical
component of the ageostrophic flow (w) can be pre-
dicted, through a scale analysis of the momentum equa-
tions, to be 10-5-10-2 m s~*. This figure borders the
instrumental uncertainty of state-of-the-art current me-
tersand isfar smaller than vertical flows associated with
surface waves (up to 1 m s=*) and internal waves and
tides (10—3-10-* m s71).

The ageostrophic velocity field, however, can also be
inferred from synoptic density and geostrophic velocity
fields by applying a set of dynamical constraints. This
set of constraints is most elegantly expressed in a di-
agnostic relationship for w known as the omega equation
(Hoskins et al. 1978; Leach 1987; Tintoré et al. 1991;
Pollard and Regier 1992; Rudnick 1996; Allen and
Smeed 1996; Vildez et al. 1996¢), from which u, and
v, can be derived using continuity. The high accuracy
of the omega equation has been demonstrated in the
context of numerical models of meandering fronts
(Strass 1994; Pinot et al. 1996; Vildez et a. 1996a).
Here, we use a version of the equation based on the
semigeostrophic (SG) dynamical balance.
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The SG omega equation (Hoskins and Draghici 1977)
is the least restrictive approximation to the generalized
omega equation, which is primitive equation based and
hence not strictly diagnostic (Vitdez et al. 1996b). Un-
like the more widely employed quasigeostrophic ver-
sion, semigeostrophy does not require that R, be small
and so provides an improved description of high R,
scenarios (Pinot et a. 1996), such as those involving
sharp fronts. The disadvantage of the SG omega equa-
tion is that it must be transformed to a different coor-
dinate system (the geostrophic space, defined below) if
it is to be expressed solely in terms of easily measured
variables like p and u,. The transformation to geo-
strophic space forces the equation to an f plane, though
past experience (Fiekas et al. 1994) shows that the error
introduced by this is small (see appendix).

Hoskins (1975) and Hoskins and Draghici (1977) pro-
vide a lengthy discussion on the properties of the SG
omega equation and the approximations involved in its
derivation. Following the latter, the geostrophic space
may be defined by X = x + v, Y=y — f-tu,, Z
=z, T = t. If a new ageostrophic velocity vector (uf,
vk, W¥) is introduced such that uy = u, + f-*w(ov,/
0Z), vi = v, — f'w(du,/9Z), and w* = J~*w, where
J =1+ f/,isthe Jacobian of the transformation to
geostrophic space and {, = dv,/ox — du,/dy the vertical
component of the geostrophic relative vorticity, the SG
omega equation can be written as

52w
— = 2V Q.

Here g, = —p;'9J(dp/oZ) is the geostrophic PV, and
the geostrophic Q-vector is described by

Va(gew*) + f2

- g [dug v dUg v
Qg = (QgX! QgY) AT HP ay HP |5
with (V,, = aloX, a/aY).

A simultaneous overrelaxation solver with Chebysh-
ev acceleration was employed to fully invert the SG
omega equation. This solver was tested against one
based on Ston€'s strongly implicit procedure with no
significant discrepancies in the results being detected.
After Allen and Smeed (1996), we minimized errors
near boundaries by exclusively using centered differ-
ences in calculating spatial gradients. This was at the
expense of losing information along the rim of the sur-
veyed region.

Solving elliptic equations requires specification of
boundary conditions on the enclosing surface of the
domain. In the present case, Dirichlet conditions (w =
0) at the ocean surface were well within the error of
the solution. On the lateral boundaries, Neumann con-
ditions (ow/on = 0, where n is a unit vector perpen-
dicular to the boundary) were imposed. This is equiv-
alent to disregarding the contribution of the vertical flow
to the local vorticity balance. In a quasigeostrophic
sense, this contribution is small compared with the con-
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version of horizontal to vertical vorticity by the geo-
strophic vertical shear (Pollard and Regier 1992). As
the geostrophic gradient Froude numbers (which quan-
tify this conversion, see section 5 for definition) were
small in the FSS (Naveira Garabato et al. 2000) the use
of lateral Neumann conditions is likely to be approxi-
mately valid throughout.

In contrast, the choice of adequate bottom boundary
conditions proved to be critical. Ideally, Dirichlet con-
ditions at the seafloor would be used, but in practice
this is only possible in shallow areas. In the FSS only
the top ~400 m of a ~3500 m deep ocean were sampled
with enough horizontal resolution. Setting either w or
itsvertical gradient to zero at the deepest surveyed level,
as has been done in the past in other regions of the
ocean (e.g., Pollard and Regier 1992; Allen and Smeed
1996) was arbitrary and unrealistic. Applying Dirichlet
bottom boundary conditions assumes that the dominant
baroclinic mode of vertical velocity has a zero-crossing
point at the deepest level of the SeaSoar survey. On the
other hand, Neumann conditions would force the vortex
stretching term (ow/9z) to vanish near the bottom of the
surveyed volume or, equivalently, presuming the exis-
tence of local extremaof vertical velocitiesat thisdepth.
Both extreme cases are highly unlikely and result in
totally different vertical structures for w. Though the
geographical positions and sign of vertical velocity
patches were unaffected by the choice of bottom bound-
ary conditions, peak magnitudes were changed by an
order 1 factor.

We used temporally averaged velocity profiles from
mooring AWI-235 (Fig. 4) to optimize our choice. The
PF jet dominated the mean zonal flow. This was east-
ward and equivalent barotropic, reaching 0.25 m s=*in
the mixed layer and decaying with depth to 0.09 m s—*
at 1100 m. In contrast, the mean meridional velocity
was an order of magnitude smaller and reversed with
depth near 150 m. Below this level, northward flow
peaked at ~600 m, where Strass et al. noted a reversal
in the rotation of the mean velocity vector with depth
following the B spiral, a dynamical process character-
istic of the large scale. It was also at this depth that the
deepest updomed isopycnal associated with the eddy C,
was detected in the CTD transect along 10.3°E. As the
influence of the mesoscale dynamics ceased near 600
m and the measured peak northward flow at that depth
implies, through continuity, vanishing vertical veloci-
ties, we decided to apply Dirichlet bottom boundary
conditions at 600 m.

The gridded SeaSoar data, however, reached only to
349 m. In order to extend the dataset to 600 m, the deep
potential density field was approximated by second-or-
der polynomial surfaces fitted to sparse data from the
11 deep CTD casts conducted in the survey area (Fig.
1). The gridded SeaSoar and extrapolated potential den-
sity fields were blended together by means of a weight-
ing function with an e-folding vertical length scale of
50 m (derived from inspection of the SeaSoar data).
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Thisavoided the appearance of sudden vertical gradients
in the forcing term of the omega equation, arising from
the dissimilarity in the horizontal resolution of the ob-
served and the extrapolated fields. Though only broadly
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9.5 10.0 10.5 11.0

lon [° E]

FiG. 5. Horizontal distribution of geostrophic relative vorticity £,
(contours) and geostrophic velocity (vectors) at 277 m in the FSS
area. The characteristic uncertainties in the magnitudes of u,, v, and
{, are estimated as 5%, 5%, and 10%, respectively.

accurate, the extrapolated field reflected well all major
hydrographic features, like the frontal isopycnic slope
and the depths of stratification maxima, and the hori-
zontal variation of the potential density field.

5. Results

The geostrophic flow calculated in section 4a (Fig.
5) supports the inferences about the circulation in the
FSS region drawn in section 3. A strong geostrophic
jet, associated with the PF, meanders along the pro-
nounced T gradient crossing the northern part of the
FSS area in an east-northeast direction (Fig. 3a). The
PF jet is flanked by a band of cyclonic relative vorticity
(of 0.6 X 10-5s~*or —0.05f ) encompassing theleading
edge of the meander ridge and an anticyclonic region
at the northeast of the survey area (0.6 X 10-5 s~ or
—0.05f), where the trough of the jet lies. Another core
of strong geostrophic flow is observed along the rim of
the eddy C, running paralel to WW isotherms. Here
the largest negative values of , (—1.5 X 10°s * or
0.13f) in the FSS are found. The meander in the south-
west, in the trough of the wavelike folding described in
section 3, is weakly anticyclonic (0.5 X 10-5 s or
—0.04f).

The vertical velocity field at 189 m is displayed in
Fig. 6. At other depths the horizontal pattern is similar,
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Fic. 6. Horizontal distribution of vertical velocity w at 189 m as
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tainty in the magnitude of w is estimated as 50%.

11.5

with the magnitude of the flow varying like the first
baroclinic mode with zero flow at the surface and 600
m, and peak values near 280 m. An areaof downwelling
(upwelling) can be observed on the upstream (down-
stream) flank of the cyclonic eddy C,, in good agreement
with the predictions of baroclinic wave theory (e.g.,
Holton 1978; Gill 1982). The slight meandering of the
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PF jet to the north causes a similar pattern of vertical
motion, with downwelling (upwelling) on the leading
(trailing) edge of crests.

The corresponding field of horizontal ageostrophic
velocity, inferred from continuity, is shown in Fig. 7.
Near the surface (Fig. 7a) the horizontal ageostrophic
flow is anticyclonic along the flank of the eddy C, and
reaches 0.4 cm s~t. A broader band of weaker (~0.2
cm s—1) southwestward flow occurs northwest of the
eddy and turns southward after convergence with the
weakly cyclonic, eastward flow (~0.1 cm s1) at the
southwestern end of the FSS area. Though the structure
of the horizontal ageostrophic circulation iscomplicated
by the interaction of the PF jet, the eddy C,, and the
meander to the southwest, the horizontal ageostrophic
velocity vectors are directed from upwelling to down-
welling patches. This pattern isreversed below the depth
of maximum vertical flow (Fig. 7b).

In order to relate the behavior of the ageostrophic
flow to that of the geostrophic circulation, we calculate
the frontogenesis function (Hoskins 1982) in the qua-
sigeostrophic limit:

2
9 Dqglvhp|2 9
Fo=(—]—=—=2=V,p-[NV,w — ,
Ho (p0> Dt po hp [ hW qu]
where V,, = (3/0x, 9/9y), D,/Dt = alot + uglox + v/
dy + wolaz is the Lagrangian time derivative following
the geostrophic and vertical flow, the Brunt—Vaisalafre-
guency is defined as
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Fic. 7. Horizontal ageostrophic current vectors in the FSS area at () 13 m and (b) 333 m. The characteristic uncertainty in the size of
each of the horizontal components of the ageostrophic velocity vector is estimated as 35%.
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v dUg v

hPs ay hP
is the quasigeostrophic Q vector; F,,, is proportional to
the rate of change of the squared horizontal gradient of
potential density following the flow and can thus detect
regions of confluence or difluence in the geostrophic
velocity field. In the FSS area, the strongest frontogen-
esis (F,,, values in excess of 2 X 10-2* s75) occurs at
the confluence of the western flank of the eddy C, with
the PF jet (Fig. 8), whereas frontolysis (F,,, < —6 X
10~ s5) dominated in the difluent region near the
eastern rim of the eddy.

Comparing Figs. 5 and 8, it is observed that in a
region of frontogenesis (positive F,,,), water parcelsare
geostrophically accelerated downstream, whereas in a
frontolytic area (negative F,,,) the geostrophic flow de-
celerates downstream. The SG horizontal momentum
equations after subtraction of the geostrophic balance

Du, Dy,
—9 = fy,, ~ 9
Dt Dt

[where D/Dt = /ot + (u, + u,)dlox + (v, + v,)dldy
+ wo/dz is the Lagrangian time derivative following the
total flow], show that in confluence a near-surface ageos-
trophic velocity is directed from the anticyclonic to the
cyclonic side of the front (e.g., southward ageostrophic
flow at the western flank of the eddy C,; cf. Figs. 8 and
7a), whereas in difluence a near-surface ageostrophic
velocity isdirected from the cyclonic to the anticyclonic
side of the front (e.g., northward ageostrophic flow at
the eastern flank of C,). Each of these near-surface
ageostrophic motions is compensated by an ageostroph-
ic flow in the opposite direction at greater depth (Fig.
9), explaining the occurrence of opposing ageostrophic
circulations between Figs. 7a and 7b. The resulting

_ 99

N2z = ,
Po 9Z

g[ou
qu:p< ’

o\ ax

= —fu,

ageostrophic divergence/convergence quadrupole caus-
es downwelling (w < 0) and vortex stretching (ow/oz
> () to occur in the surface region downstream of the
surface horizontal ageostrophic flow, and upwelling (w
> 0) and vortex compression (ow/dz < 0) in the surface
region upstream. Below the depth of strongest vertical
motion, deep vortex stretching is inferred (alongside
upwelling) below near-surface vortex compression and,
similarly, deep vortex compression isimplied (alongside
downwelling) below near-surface vortex stretching. As
the downstream accel eration of the geostrophic flow oc-
curs in opposite directions if the positions relative to
the axis of the front of the cyclonic and the anticyclonic
sides are swapped, the induced ageostrophic circulation
isreversed from one case to the other. Thisis conducive
to the surface (or deep) horizontal ageostrophic flow
being in opposite sense for cyclonic and anticyclonic
features. In Fig. 5 and 7, the horizontal ageostrophic
flow reinforces the geostrophic current near the surface
of anticyclones (e.g., anticyclonic meander of PF jet)
and in the deep body of cyclones (e.g., eddy C,), while
opposing the geostrophic flow near the surface of cy-
clones and in the deep body of anticyclones.

The conceptual model in Fig. 9 complies with the
principle of isentropic PV conservation following the
flow (Ertel 1941). After Pollard and Regier (1992), is-
entropic PV can be approximated by isopycnal PV,

qr = N2g*(f + ¢, — fF),
where
F, = N2[(0u,/02)? + (9vyl62)?]

is the geostrophic gradient Froude number and the hy-
drostatic and geostrophic approximations have been ap-
plied. The dominant balance in this expression is be-
tween stratification (parameterized by N2g—*) and vor-
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Fic. 9. Idealized model of the ageostrophic circulation in a geostrophic confluence. Three typical isopycnals with potential densities in
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C and D, respectively.

ticity (f + ;). Thus, the acceleration of the geostrophic
flow in frontogenetic regions leads to a downstream
increase of cyclonic ¢, on the cyclonic side of the front,
accompanied by an increase of anticyclonic {, on the
anticyclonic flank. To conserve PV following the geo-
strophic motion, near-surface vortex stretching (com-
pression) through downwelling (upwelling) is required
on the cyclonic (anticyclonic) side, with a near-surface
horizontal ageostrophic flow directed from the anticy-
clonic to the cyclonic flank (and a reversed horizontal
ageostrophic flow at greater depth) to conserve mass.
To explore the dynamical implications of the diag-
nosed circulation, Figs. 10 and 11 present meridional
sections across the FSS of the buoyancy advection by
the geostrophic and ageostrophic flow, scaled as an
equivalent heat advection, F¥ = —c,a7tu - Vp, where
C, (=4 X 10° Jkg~* K1) is the specific heat capacity
of seawater and a; (=10-* K1) its thermal expansion
coefficient. On both the frontogenetic transect in the
western flank of the eddy C, (10.85°E) and the fron-
tolytic section along its eastern flank (11.33°E) F} has
apatchy distribution dominated by the geostrophic com-
ponent of the buoyancy advection. The confluences and
difluences of the geostrophic deformation supplied by
the PF jet and the eddy C, reflect clearly inthe F¥ field.
Along 10.85°E, a geostrophic confluence results in a
gain of buoyancy in the lighter (northern) side of the
frontal jet and aloss of buoyancy initsdenser (southern)
side, as observed in Fig. 10a in the form of a pair of

fringes of opposite sign (positive near 49.8°S and neg-
ative at ~50.2°S, with the core of the jet embedded in
between at 50.1°S) below the summer mixed layer.
Buoyancy gain is also associated with the weak positive
cell near 50.7°S, which, combined with the negative
fringe to the north and considering the reversal of iso-
pycnic slopes there, implies frontogenesis in the south-
western periphery of the cyclonic eddy.

Along 11.33°E (Fig. 11a), in contrast, there is a loss
of buoyancy in the lighter side of the front and a gain
of buoyancy in its denser side, shown as two bands of
positive and negative buoyancy advection at 50.4° and
50.1°S, respectively, on either side of the northern flank
of the eddy C,. A weak gain of buoyancy (and accel-
eration) at the PF jet farther north is however indicated
by the positive fringe at 49.8°S in conjunction with the
negative band to the south.

Despite the dominant role of the geostrophic advec-
tion of buoyancy, the vertical buoyancy advection (Figs.
10b and 11b) is, occasionally, of the same order of
magnitude (~1 W m~3) and exerts an appreciable in-
fluence on the net buoyancy advection. Positive values
in excess of 1 W m~2 have been calculated at the depths
of the summer and winter pycnoclines in the cyclonic
(southern) side of the front on the frontogenetic section,
whereas peak negative values of 1-2 W m~2 are derived
at the same depths on the anticyclonic (northern) margin
of the confluence. Following the reversal of the cross-
frontal ageostrophic circulation cell, the pattern is re-
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60%.

versed on the frontolytic section, with arather large (2—
3 W m~3) negative equivalent heat advection on the
southern side of the difluence and a weak positive con-
tribution on the northern side.

The crucial property of the vertical buoyancy advec-
tion does not reside, however, in its magnitude (which
is comparatively small), but rather inits ability to trans-
fer potential energy vertically and thus modify the buoy-
ancy budget of a given depth level. This is in clear
contrast to the mere horizontal redistribution of buoy-
ancy effected by the geostrophic flow. In the ability to
ater the buoyancy reservoir at a particular depth, the
vertical buoyancy transfer driven by the ageostrophic
flow isin competition with atmospheric buoyancy forc-
ing, with the distinction that the former is an adiabatic
process. This resemblance is not trivial and underlies
the belief that oceanic subduction is strictly driven by
buoyancy transfer mechanisms of either nature (Nurser
and Marshall 1991; Marshall et al. 1993; Follows and
Marshall 1994; Spall 1995; Rudnick 1996).

To this respect, Figs. 12 and 13 display the field of
the variable G = —p,'g W' p’ aong each of the sec-
tions, where w' and p’ are defined as the deviations of
w and p from their areal mean values at each depth.
Here Gi can be thought of as the rate of baroclinic
conversion of potential to kinetic energy. On the fron-
togenetic section (Fig. 12), a positive baroclinic con-
version is suggested throughout, reaching values of
more than 10 cm? s=2 d-* below the winter pycnocline
and 2-4 cm? s~2 d—* at the summer mixed layer. Peak
magnitudes are attained at the main upwelling and
downwelling sites, their positive sign being indicative
of lighter water upwelling near 49.9°S and denser water
sinking at ~50.5°S. Conversely, on the frontolytic sec-
tion (Fig. 13), a negative conversion (of as much as 27
cm? s2 d~* below the winter pycnocline and 6 cm? s—2
d-* within the mixed layer) is generally implied, with
shoaling denser water and downwelling lighter water.

In a(frontogenetic) geostrophic confluence, apositive
baroclinic conversion must require a flattening of the
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Fic. 11. Asin Fig. 10 but for a section crossing the FSS area along 11.33°E.

isopycnals and frontolysis. This is the mechanism nec-
essary for converting available potential energy (APE)
to EKE (as required for the growth of baroclinically
unstabl e disturbances) aswater parcels are advected into
the frontal jet. In contrast, a (frontolytic) geostrophic
difluence would be associated with a negative conver-
sion leading to an enhancement of frontal isopycnic
slopes and frontogenesis. The result would be a con-
version of EKE to APE (in opposition to the require-
ments of baroclinic instability) as water parcels ap-
proach the difluence from upstream and the frontal jet
decelerates. It is thus shown that two scenarios are en-
countered along a frontal jet that effect either the kind
of energy conversion implicit in baroclinic instability
or the opposite.

Numerical studies of baroclinically unstable waves
growing on afrontal jet (Wang 1993; Spall 1995, 1997)
have suggested however that the frontal-mean ageo-
strophic circulation cell (the residual ageostrophic cir-
culation cell averaged over at least one periodic struc-
ture of the meandering front) is likely to be very dif-

ferent from the instantaneous ageostrophic circulation
at any one frontal location, and that in consequence it
is unfeasible to infer the properties of this integrated
cell (and the energy conversion implied) from single
cross-frontal sections. To detect the buoyancy flux
linked to the frontal-mean ageostrophic circulation, Fig.
14 presents a profile of the mean and standard deviation
of G corresponding to the entire domain of the FSS.
A net positive baroclinic conversion is calculated at ev-
ery depth, peaking in the vicinity of 280 m with avalue
in excess of 1.2 cm? s=2 d-* (which, according to the
t-test, is statistically different from zero with 95% con-
fidence). The sign of this flux is indeed in accord with
the slumping of isopycnals linked to the process of bar-
oclinic instability. However, it is not strictly clear that
the physical significance of this estimate is sufficient.
It could be argued that, since the outcome of the average
isthe residual of the addition of two large contributions
with opposite sign, the result of the calculation depends
critically on whether or not an integer number of me-
ander wavelengths was encompassed by the survey. It
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is nevertheless reassuring that the FSS comprised two
entire periodic structures almost exactly (Fig. 3b): one
linked to the PF jet flowing east along ~50.2°S, the
other involving the cyclonic eddy C, and the weak cy-
clonic meander at the southwest of the FSS.
Independent support for the positive baroclinic con-
version in Fig. 14 may be extracted from the g’ field
of the FSS, where g variability occurs principally with
depth (Fig. 15) and is dominated by changes in the
stratification term g-*N2. Relative minima in the ab-
solute value of g’ are observed in the uppermost 30—
40 m (g® ~ —0.10 X 10~° m~* s~1), corresponding to
the mixed layer above the summer pycnocline, and in
the depth range 90-140 m (g® ~ —0.15 X 10°* m~!
s~1), associated with the layer of high isopycnic thick-
ness bounded by the summer pycnocline above and the
winter pycnocline below. Relative maxima in the ab-
solute value of g occur at the summer (g» ~ —0.50

X 107°*m~* s7*) and winter (g ~ —0.25 X 10-*m~*
s~1) pycnoclines, coinciding with peaksin stratification.

The energy conversion occurring during baroclinic
instability islinked to an Eliassen—Palm flux or ** bolus”
transport of water across the front. Conventionally pa-
rameterized by the bolus velocity v* = (1/h) h'v' (e.g.,
Lee et al. 1997), where overbars represent a mean over
several spatial or temporal periods and primes denote
deviations from this mean, the bolus transport can be
regarded as a residual water mass transfer arising from
the correlation between the velocity of parcels of that
particular water mass and their isopycnic thickness h.
Its correlation with gradients of g in numerical sim-
ulations of an unstable jet (Lee et al. 1997; Marshall et
al. 1999) is used here to infer its properties in the FSS.
The implicit assumption that time-averaged model be-
havior is a reliable indicator of synoptic processes in
the ocean might seem pretentious, and invitesto caution
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in considering the results of the exercise. Some reas-
surance is nevertheless provided by the stratification of
the PF region being essentially unchanged during the
summer months, which comprise anumber of baroclinic
life cycles.

Figure 16a presents the isopycnic distribution of g’
along ameridional transect crossing the PF region. The
ideas above predict that, for isopycnals below o, ~
27.20 kg m~3, the successive cross-frontal ageostrophic
circulation cells will on average flux a greater volume
of fluid southward, for the water present on the northern
side of the front at thisisopycnic range has greater thick-
ness. Likewise, therewill be anet northward bolustrans-
port of the water bounded by the isopycnals o, ~ 27.05
and o, ~ 27.20 kg m~2 and a southward bolus transport
above o, ~ 27.05 kg m—3. Strictly speaking, these pre-
dictions should only refer to the northern border of the
cyclonic eddy and the surveyed area to the north. On
the southern flank of the eddy the slope of the g con-
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toursin Fig. 16areverses and the same criteriano longer
apply.

Figure 16b, displaying T along the same section,
broadly supports the vertical profile of the bolus trans-
port inferred above. Thus, the T-min of WW seems to
propagate north preferentially along isopycnals in the
range o, ~ 27.10-27.20 kg m—3, whereas for greater
densities warmer water from the northern side of the
PF intrudes south along o, ~ 27.30 kg m—3. Isopycnals
above o, ~ 27.05 kg m~2 are however embedded in
the mixed layer and their isopycnal PV is modified by
solar warming and air—sea interaction. Though in these
circumstances the principle of isentropic PV conser-
vation no longer applies strictly, there are indications
that the tendency is for a near-surface southward bolus
transport to exist. These are provided by the detection,
during the Long Transect and the CSS earlier in the
heating season, of aclear southward intrusion of warmer
water from north of the PF directly above the northern
boundary of the WW that is suggestive of such atrans-
port (Strass et a.).

We thus propose that the g field in the PF region is
consistent with a bolus transport across the front that
fluxes light water southward near the surface and denser
water northward at the depth of the capped-off WW.
The reduction in isopycnic slopes and APE release as-
sociated with this residual transport are symptomatic of
the occurrence of baroclinic instability and take a dif-
ferent expression in the net upward buoyancy flux (pos-
itive Gf) shown in Fig. 14. Furthermore, because the
ageostrophic cross-front circulations that lead to the bo-
lus transport conserve potential density and the frontal
isopycnic slopes must remain in along-term equilibrated
state, the tendency must be for the T-min to flow north
along deepening isopycnals, resulting in an intrusion
into the winter pycnocline and a net subduction of the
capped-off WW. This does not imply, however, that the
observed northward protrusion of the T-min layer must
be exactly isopycnic at any time (Fig. 16b displays sev-
eral examples of diapycnic thermal intrusions). As rec-
ognized by Woods et al. (1986) and Onken et al. (1990),
thermohaline intrusions created isopycnally at a front
may appear to slope across isopycnals as a result of
differential advection along density surfaces.

Were it to be assumed that the baroclinic conversion
rate in Fig. 14 and the geometry of the frontal potential
density field are representative of a longer-term steady
state, a rate of subduction could be estimated. Taking
the vertical derivative of Gz in Fig. 14 yields a mean
upward buoyancy advection at the FSS of ~5 X 105
cm s2 d-* (e.g., G increases from O at the surface to
1 cm?s2d-*at 200 m), corresponding to a downward
mass advection of ~5 X 10-5 kg m~—2 d-* after scaling
by —gpy?t; dividing this figure by the observed vertical
potential density gradient near the level of the winter
pycnocline (~10-2 kg m~4, e.g., the spacing between
the o, = 27.10 kg m~2 and o, = 27.20 kg m~2 iso-
pycnals is typically ~100 m), an approximate subduc-
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tion rate of ~0.05 m d—* (or ~20 m yr—1) is obtained;
combined with a characteristic isopycnic slope across
the frontal region of ~2 X 104 this subduction rate
implies a meridiona progression of the WW along is-
opycnals at ~0.3 cm s~*. A number of simplifications
are implicit in this calculation and the resulting figures
can only be considered representative to within an order
of magnitude. It is encouraging to note though that the
rate of northward progression of the T-min layer cal-
culated above is a factor of 4 smaller than, but of com-
parable magnitude to, that of a parcel of WW that was
inferred by Strass et al. from comparison of two tran-
sects across the CSS region performed two weeks apart.

6. Summary and conclusions

We have shown, through an analysis of the velocity
and isopycnal PV fieldsin the PF region, that the ageos-
trophic circulation induced by baroclinic instability
leads to atime-mean subduction of water from the south
that becomes a northward protrusion of the T-min of
WW. The subduction process involves a time-mean
slumping of isopycnals that, in the absence of external
forcing, would lead to the demise of the steep isopycnic
slopes that characterize the PF region. The potential
importance of this frontolytic role of baroclinic insta-
bility for the understanding of the nature of ocean fronts
had already been recognized by Spall (1997) in a nu-
merical study of the evolution of an unstable baroclinic
frontal jet in a large-scale deformation field.

M esoscal e subduction at the PF is not a seasonal phe-
nomenon but occurs throughout the year, as can be in-
ferred from the persistence of the northward protrusion
of WW in the region during the cooling season (Strass
et al.). In Section 5, we estimated a mesoscal e subduc-
tion rate of O(20 m yr—1), comparable in magnitude to
the rates associated with the mean, gyre-scalecirculation
(Marshall et al. 1993). Thisisin support of the predic-
tions of numerical models of frontal and eddy-driven
subduction (Follows and Marshall 1994; Marshall 1997,
Spall 1997). As concerns the geographical extent of the
process, it is believed to be such that a circumpolarly
valid criterion for pinpointing the position of the PF has
been developed in terms of the northern boundary of
the subsurface T-min of WW (Belkin and Gordon 1996).
Indeed, the possibility of a northward export of WW in
the PF region through cross-frontal exchanges and its
circumpolar involvement in the formation of Antarctic
Intermediate Water at the Subantarctic Front farther
north has been the subject of speculation by a number
of authors (e.g., Sievers and Nowlin 1984). We show
in this work that such a cross frontal exchange can be
feasibly driven by baroclinic instability in the region.

We further propose that mesoscal e subduction, as de-
scribed here, is not exclusive to the PF but applies to
the other frontal regions of the Southern Ocean. This
may be illustrated by Fig. 17, showing the Sverdrupian
isopycnal PV (qs, = N2g~f) distribution on potential
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FiG. 17. Isopycnic distribution of qs, along the Long Transect. The contours in the range —0.30 X 10°to —0.15 X 10°*m~* st are
marked by solid lines. The positions of the frontal features crossed during the long Transect are indicated on the upper axis: SAF (Subantarctic
Front), PF (Polar Front), SPF (Southerly Polar Front), SACCF (Southern ACC Front), and SB (Southern Boundary of the ACC).

density surfaces along the Long Transect. Four of the
five sites at which the layers of high stratification slope
most steeply [giving rise to the greatest likelihood for
the occurrence of depth reversals of the isopycnal g
gradient (IPVG)] coincide with the positions of com-
monly reported circumpolar frontal features (the other
is linked to the SPF). Depth reversal of the IPVG is a
necessary condition for the onset of baroclinic insta-
bility (e.g., Pedlosky 1987). Without this, it would be
physically impossible to release APE through a cross-
front bolus transport cell, as seen in section 5. IPVG
reversals occur at fronts due to a superposition of the
enhanced frontal isopycnic slopes and an essentially flat
pycnocline linked to the uniformity of atmospheric forc-
ing across each frontal region. Given that the basic struc-
ture of the upper-ocean IPV field (and, predictably, the
profile of the bolus transport) is shared, the description
of mesoscale subduction presented here should broadly
apply at al fronts.

The issue remains to be addressed as to what front-
ogenetic process may balance the frontolytic action of
baroclinic instability at the PR, thereby maintaining the
frontal region in along-term steady state. In section 5,
weidentified afrontogenetic (frontolytic) siteinaregion
of confluence (difluence) of the geostrophic flow as-
sociated with the PF jet and an eddy. The ability of
transient features to either supply momentum to or de-
celerate the mean flow is a common observation in nu-
merical models (e.g., Ivchenko et al. 1996; Stevens and
Ivchenko 1997; Dijkstra and van der Vaart 1998; Best
1999) and altimetric studies of the ACC (Johnson et al.
1992; Morrow et al. 1992). Though the sign of the cir-
cumpolarly averaged Reynolds stress within the ACC
is still a matter of controversy, the generaly accepted
theoretical view (e.g., Hoskins 1982) is that at length
scales larger than the Rossby radius of deformation

[~15 km in the ACC (Inoue 1985)] the net effect of
baroclinic instability isto feed momentum back into the
mean flow. This is an integral part of the instability
process at its nonlinear stage and translates into a sharp-
ening of fronts by the eddies evolving from the linear
stage of the instability. As revealed in section 5, the
extent of this sharpening is ultimately limited by the
frontolytic action of the time-mean ageostrophic cir-
culation at length scales smaller than the Rossby radius.

Being intrinsically related to the baroclinic instability
process, mesoscale eddy activity cannot be regarded as
an origina source of APE, but rather as an important
agent feeding back momentum into the mean flow. Ob-
servational and numerical evidenceto date (e.g., Deacon
1982; Kazmin and Rienecker 1996) suggests that the
APE reservoir of the ACC, the Southern Ocean fronts,
and the PF region in particular is originally supplied by
a combination of the large-scal e frontogenetic processes
(Ekman convergence, Ekman advection, Ekman pump-
ing, and thermohaline forcing at the ocean surface). The
resulting competition between a large-scale frontogen-
esis and a mesoscale frontolysis leads to a dichotomy
of length scales that may, arguably, be fundamental in
understanding the zonation of the ACC. A simplistic
conceptual model linking the latter to the former can
indeed be developed in the frame of the theory of geo-
strophic turbulence.

The key point in this model may be sketched by ap-
proximating the IPVG as

o(fy_B_ foh
ay(h) h  h2gy’ 3

where the contribution of relative vorticity has been
neglected. The rhs of Eq. (3) shows that the meridional
gradient of the isopycnic thickness (oh/dy) is the only
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quantity liable to reverse sign with depth, and hence an
excessive size of the term B/h would effectively prevent
the IPVG from doing so. It is thus appreciated that the
onset of baroclinic instability can be impeded by the
spherical shape of the earth when meridional excursions
of water parcels are sufficiently ample to notice it [i.e.,
at length scales larger than the Rhines scale ~200 km
in the ACC (Naveira Garabato 1999)]. Thus, if baro-
clinic instability in the Southern Ocean occurs prefer-
entially at thefronts (ashinted in Fig. 17), thefrontolytic
opposition of the processto the large-scalefrontogenesis
will tend to be confined to frontal regions by planetary
curvature. This confinement is entirely analogous to the
existence of an upper bound to the migration of dom-
inant eddies toward large scales in aturbulent eddy field
(Rhines 1975), and is conducive to a concentration of
the APE produced by the large-scale frontogenesis at
fronts, which act as regions of maximum APE dissi-
pation.

Despite its partly speculative character, the ideas pro-
posed here are in accord with the results of Treguier
and Panetta (1994) in a quasigeostrophic B-plane chan-
nel model of the ACC. They showed that, though the
frontal jetswere occasionally steered by topography and
strongly constrained by the curvature of the meridional
wind stress profile, the circumpolar continuity of the
fronts was exclusively attributable to transient eddy
fluxes. Our conclusions lend support to the findings of
Marshall and Adcock (1998) who, in asimilar numerical
experiment, obtained a stepwise meridional PV distri-
bution with zonal frontal jets separating regions of uni-
form PV that is reminiscent of the observationsin Fig.
17. They noted that the spacing between the jets was
of the order of the Rhines scale and suggested that plan-
etary control of the meridional length scale of the bar-
oclinic instability of the jets was responsible for the
zonation of the current.
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APPENDIX

Sensitivity of the Diagnostics

We conducted a range of tests to examine the sen-
sitivity of the diagnosed w field to various sources of
error. To test for the effect of instrumental errors and
internal wave contamination in the density and velocity
measurements, we added random noise of prescribed
amplitude (£0.01 kg m~* and =0.04 m s~*) to each of
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TaBLE Al. Characteristic uncertainty in the magnitude of w (as
diagnosed by the SG omega equation) induced by different error
sources.

Error source Magnitude of error

5%
40%

Noise in p and (u, v,) data

Spatial resolution and scales of gridding
Neumann lateral boundary conditions 5%
Dirichlet bottom boundary conditions 35%
Neglect of B effect 1%
Assumption of synopticity Negligible

the measured fields separately and averaged the result-
ing perturbations to the w field over five realizations of
the noise. An analogous approach was adopted to quan-
tify the error introduced by residual inertial and tidal
signals possibly left over from the measured flow (by
adding a time-varying sinusoidal current field of 0.04
m s~ amplitude, inertial period, and confined to the
mixed layer and another of 0.02 m s~* amplitude, semi-
diurnal period, and barotropic to the measured velocity
field).

The influence of the spatial resolution of the survey
and the scales of gridding on the diagnosed vertical flow
was inspected by varying d, and d, by 10% of their
initial values. Quantifying the error introduced by the
assumption of Neumann lateral boundary conditionsin-
volved setting the gradient of w perpendicular to the
boundary to Gaussian noise of £0.6 m d-* km-* am-
plitude and spatially correlated over e-folding length
scales of 20 km in the horizontal and 50 min the vertical
(again averaging perturbations to the w field over five
realizations of the noise). Similarly, testing the sensi-
tivity of the solution to the bottom boundary condition
was attempted by setting the vertical velocity at 600 m
to Gaussian noise of =1 m day ~* amplitude and hori-
zontally correlated over an e-folding length scale of 20
km.

The above sensitivity experiments showed that the
spatial patterns and signs in our diagnosed vertical ve-
locity and buoyancy flux fields are robust features. The
different error sources, however, affected the magnitude
of the vertical motions/fluxes substantially. The uncer-
tainty in the magnitude of w introduced by each error
source is given in Table Al.

The error implicit in the neglect of the B effect in the
SG omega equation was estimated by solving the qua-
sigeostrophic version with and without the B effect.
Though rather inhomogenously distributed, this was
found to be minimal (Table Al). The effect of the as-
sumption of synopticity implicit in the SG omega equa-
tion was presumed negligible. As shown by Strass et
al. (2000) from a 1-yr length record of mooring veloc-
ities, our survey of the PF was carried out during a
highly steady period. This can also be appreciated from
the remarkable similarity between hydrographic data
collected in the FSS area during the CSS and the FSS,
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which were conducted on average one week apart (cf.
Figs. 3a and 3b).

An estimate of the total uncertainty in the magnitude
of w (50%) was computed (assuming that the errors
induced by different sources are independent) by adding
the errors from the various sources in Table 1 in quad-
rature. Identical techniques were used to calculate the
characteristic uncertainties in the magnitude of the other
derived physical quantities: u, and v, (5%), {, and g
(10%), u, and v, (35%), Gz (50%), and F,,, and F}
(60%).
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